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Abstract	

SENSITIVITY	OF	OXYGEN	MINIMUM	ZONES	DUE	TO	CARBON	DIOXIDE	RADIATIVE	FORCING	

USING	CESM1.2	

Kristina	Wolfe,	M.S.	

The	University	of	Texas	at	Arlington,	2019	

Supervising	Professor:	Arne	Winguth	

	 Anthropogenic-induced	 climate	 change	 is	 occurring	 at	 an	 unprecedented	 rapid	 rate,	

compared	 to	 the	 geologic	 past.	 In	 this	 study,	 CO2	 stabilization	 scenarios	 (1x,	 2x,	 and	 4x	

preindustrial	atmospheric	pCO2	levels)	utilizing	the	Community	Earth	System	Model	(CESM)	are	

carried	out	 to	 assess	 the	 response	of	oxygen	minimum	zones	 to	net	primary	production	and	

vertical	carbon	fluxes	 in	a	changing	climate.	Compared	to	the	1x	CO2	experiment,	sea	surface	

temperature	(SST)	rise	in	the	4x	CO2	scenario,	to	3	°C	to	5	°C	in	the	Pacific	and	Atlantic	Ocean,	

between	30	°S	and	60	°S.	In	contrast,	the	North	Atlantic	Ocean	and	around	Greenland	cools	by	

6.5	°C	which	is	linked	to	the	weakening	of	the	Atlantic	meridional	overturning	circulation	(AMOC).	

In	the	4x	scenario,	export	production	decreases	in	the	northern	Atlantic	Ocean,	consistent	to	the	

cooling	 and	 reduced	AMOC,	 and	 in	 the	 central	 equatorial	 Atlantic	 and	 Pacific	Ocean,	 due	 to	

reduced	Ekman-induced	upwelling	and	associated	decline	in	surface	nutrient	concentration.	In	

contrast,	export	production	increases	in	the	region	of	the	Antarctic	Circumpolar	Current	(ACC),	

linked	 to	 a	 rise	 in	 surface	 phosphate	 (PO4)	 concentration.	 Surface	 nitrates	 (NO3)	 decrease	

globally,	especially	around	the	equator.	Dissolved	Oxygen	 (DO)	concentration	at	 intermediate	

depth	of	equatorial	Atlantic	and	Pacific	Ocean	water	masses	decreases	from	1x	CO2	to	the	4x	CO2,	
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linked	to	both	a	decrease	in	Apparent	Oxygen	Utilization	(AOU)	and	decline	in	oxygen	solubility	

by	the	warming.	
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Chapter	One:	Introduction	

	
	

Since	 the	 industrial	 revolution,	 anthropogenic-induced	 rise	 in	 greenhouse	 gases	 by	

emission	 from	 fossil	 fuel	 and	 land	 use	 changes,	 and	 associated	 climate	 change,	 has	 been	

occurring	and	rapidly	growing	at	a	near-exponential	rate	when	compared	to	the	geological	past.	

The	most	abundantly	emitted	greenhouse	gas	is	carbon	dioxide	(CO2)	which	has	increased	from	

278	ppmv	in	1740	(Fig.	1)	(Keeling	et	al.,	2001)	to	411	ppmv	in	2019	(NOAA,	2019).	Approximately	

40%	 of	 these	 anthropogenic-induced	 carbon	 emissions	 have	 remained	 in	 the	 atmosphere,	

whereas	 the	 carbon	 uptake	 by	 land	 and	 ocean	 is	 ~30%	 each	 (IPCC,	 2013).	 Increase	 in	 CO2	

accumulation	 in	 the	 atmosphere	 by	 reduced	 uptake	 in	 the	 ocean	 and	 reduced	 solubility	 and	

circulation	 have	 caused	 a	 positive	 climate-carbon	 cycle	 feedback	 that	 further	 enhanced	 the	

warming	(Cox	et	al.,	2000;	Dufresne	et	al,	2002).	

	 	

Figure	1.	Global	averages	of	greenhouse	gases	have	increased	for	CO2	(Keeling	et	al.,	2001).		
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Rising	 sea	 temperatures,	 in	 response	 to	 CO2-radiative	 forcing,	 and	 the	 subsequent	

decrease	 in	upwelling	and	 increase	 in	upper	ocean	stratification,	affect	biogeochemical	cycles	

such	 as	 deoxygenation	 across	 all	 time	 scales.	 The	 air-sea	 gas	 exchange	 of	 oxygen	 between	

atmosphere	and	the	ocean	depends	on	wind	speed	and	temperature	(Wanninkhof,	1992).	With	

rising	sea	temperatures	from	anthropogenic	climate	change,	sea	surface	concentrations	of	O2	

will	be	depleted	due	to	reduced	solubility.	O2	gas	(g)	in	solution	depends	on	solubility	and	[O2]	

following	the	Henry	Law:		

																																																						𝑂" 𝑔 = [&']
)*

	 	 	 	 																																		(1)				

	

K0	 is	 the	 temperature	 and	 salinity	 dependent	 solubility	 coefficient	 of	 dissolved	 O2	

concentration	(DO)	in	seawater	(Weiss,	1970).	The	vertical	dissolved	oxygen	distribution	in	the	

sea	 is	 controlled	 by	 physical	 and	 biological	 processes	 (solubility	 and	 biological	 pumps	

respectively;	Volk	and	Hoffert,	1985)	and	DO	is	produced	at	the	surface	by	photosynthesis	using	

the	following	equation:	

																																																								6𝐶𝑂" + 6𝐻"𝑂	 ↔ 𝐶1𝐻2"𝑂1 + 6𝑂"																																																	(2)	

Advection	and	mixing	affect	the	DO	concentration	in	the	ocean	as	well	(Keeling	and	Garcia,	2002),	

however,	an	increase	in	stratification	will	reduce	primary	production,	and	thus	the	particulate	

organic	carbon	flux,	which	can	lead	to	an	increase	the	DO	concentration	in	the	interior	ocean.		

	 Most	of	the	elements,	like	carbon,	phosphate,	and	nitrogen	(Fig.	2)	will	be	recycled	in	the	

ocean.	 Nitrogen	 is	 absorbed	 into	 the	 ocean	 as	 N2	 through	 the	 air-sea	 gas	 exchange.	

Phytoplankton	 then	 assimilate	 nitrogen	 in	 the	 euphotic	 zone.	 Ammonification	 is	 caused	 by	

bacteria,	 which	 is	 responsible	 for	 denitrification	 in	 the	 euphotic	 zone.	 Phosphorous	 is	 also	
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assimilated	and	consumed	by	phytoplankton.	Dissolved	phosphorous	is	then	incorporated	in	the	

organic	 remains	and	precipitated	to	 the	bottom	of	 the	sea,	some	of	which	gets	buried	 in	 the	

sediment,	causing	an	increase	in	atmospheric	O2	(Fig.	3),	but	only	a	small	fraction	equivalent	to	

riverine	input	is	buried	in	the	ocean	sediments	(Archer,	2003).	Carbon	(C),	hydrogen	(H),	nitrogen	

(N),	 oxygen	 (O),	 and	 phosphorus	 (P)	 ratio	 in	 marine	 organic	 matter	 are	 in	 approximate	

stoichiometric	ratios	(Redfield,	1934),	with	the	ratio	of	C:	N:	P	being	the	mole	ratio	of	106:16:1.	

A	large	portion	of	organic	matter	is	remineralized,	leading	to	a	decline	in	dissolved	oxygen	below	

the	euphotic	zone	(eq.	2).	

	

Figure	2.	Presented	is	a	Schematic	representation	of	the	marine	nitrogen	cycle	and	its	coupling	to	the	marine	cycles	of	oxygen,	
phosphorus,	and	carbon	(Gruber,	2008). 
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Figure	3.	Earth	system	interactions	are	linked	for	atmospheric	oxygen	and	ocean	nutrients.	The	direct	relations	are	represented	
by	solid	lines	with	a	plus	sign	and	the	inverse	relations	are	shown	by	a	dashed	line	with	a	minus	sign.	Arrows	describing	a	closed	
circuit	indicate	a	negative	feedback	loop	and	either	a	positive	feedback	or	loop	or	no	feedback	loop	is	indicated	where	there	is	
one	dashed	arrow	in	the	loop.	The	upper	thick	grey	line	is	a	negative	feedback	loop	and	the	lower	loop	is	a	positive	feedback	
loop	(Watson	et	al.,	2017).	

	

Obligate	aerobes	rely	upon	DO	to	produce	adenosine	triphosphate	(ATP),	thus	a	decrease	

in	its	concentration	could	negatively	impact	the	ocean’s	net	primary	production	(NPP)	and	reduce	

the	biological	pump.	DO	concentrations	below	60	µM	is	hypoxic,	which	is	lethal	for	more	than	

50%	of	marine	benthic	organisms,	and	DO	<	20	µM	can	kill	higher	trophic	level	organisms	(e.g.	

fish).	DO	concentrations	below	10	µM	is	lethal	for	more	than	90%	of	marine	species.	When	DO	

concentrations	 are	 <	 5	 µM,	 nitrogen	 is	 removed	dominantly	 by	 denitrification	 and	 anaerobic	

ammonium	oxidation	 (Deutsch	 et	 al.,	 2011)	 and	when	 it	 is	 <	 1	 µM,	 only	 specifically	 adapted	

microbes	can	exist.	At	severe	hypoxia,	microbes	convert	nitrite	and	ammonium	to	nitrogen	gas	

which	removes	nitrogen	from	the	water	and	limits	primary	production	(Karstensen	et	al.,	2015).	
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A	reduction	of	biotic	life	in	the	ocean	could	potentially	reduce	vital	nutrients	such	as	NO3	and	

PO4.	

Oxygen	minimum	zones	(OMZ)	typically	develop	beneath	upwelling	regions	linked	to	high	

particulate	organic	carbon	(POC)	flux.	The	decay	of	POC	together	with	advection	of	DO	determine	

the	extent	of	 the	OMZs	 (Cabre	et	al.,	2015).	Two	of	 the	 largest	OMZs	are	 in	 the	east	 tropical	

Pacific,	north	and	south	of	the	equator.	Low	Oxygen	Zones	(LOZ)	occur	also	in	the	tropical	North	

Atlantic	 Ocean.	 These	 zones	 are	 created	 beneath	 the	 mixed	 layer,	 the	 euphotic	 zone,	 and	

modewater	eddies.	Note	that	the	DO	concentration	 is	typically	 lowest	 in	the	center	of	eddies	

with	 net	 respiration	 rates	 of	 3	 to	 5	 times	 higher	 in	 adjacent	 water	 masses.	 Diurnal	 vertical	

migration	of	 zooplankton	 is	 suppressed	 in	eddies,	a	direct	 impact	of	open	dead	zones	on	 the	

marine	ecosystem	(Karstensen	et	al.,	2015).	

An	increase	of	dissolved	CO2	levels	in	the	ocean	will	lead	to	higher	ocean	acidity	that	can	

dissolve	calcareous	shells,	weakening	the	vertical	carbon	flux	and	thus	the	biological	pump	(e.g.	

Heinze	et	al.,	2004).	Increase	in	ocean	acidification	results	from	anthropogenic	CO2	invasion	into	

the	ocean	can	affect	thus	the	DO	distribution	in	the	ocean,	the	concentration	of	which	is	balanced	

between	 oxygen	 production	 (photosynthesis),	 consumption	 (respiration	 and	 other	 chemical	

reactions),	and	exchange	with	the	atmosphere.	Ocean	acidification	will	also	reduce	the	ocean’s	

uptake	capacity	for	anthropogenic	CO2	and	could	change	the	carbon-to-nitrogen	stoichiometric	

rations	of	marine	phytoplankton,	which	may	 show	an	 increase	 for	photosynthesis	due	 to	 the	

availability	of	dissolved	CO2,	causing	significant	changes	to	the	marine	distribution	of	oxygen	due	

to	its	effect	on	oxygen	demand	during	remineralization	of	organic	matter	(Gruber,	2011).			
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	 With	an	 increase	 in	CO2	 radiative	 forcing	 rise	 in	ocean	 temperatures,	 there	will	 be	an	

increase	in	stratification,	solubility,	and	concentration	of	CO2	as	DO	decreases	(Cabre	et	al.,	2015,	

Ito	and	Deutsch,	2010;	IPCC,	2013).	By	the	end	of	this	century,	it	has	been	predicted	that	DO	will	

decline	4	–	7%	(Matear,	2003).	An	apparent	oxygen	decline	was	documented	in	the	subtropical	

modewater	of	 the	North	Atlantic	at	 the	Bermuda	Atlantic	Time	Series	 site	 from	the	1980s	 to	

2000s	(Stanley	et	al,	2012)	and	a	decrease	of	O2	and	increase	of	apparent	oxygen	utilization	(AOU)	

was	simulated	in	the	upper	ocean	isopyncnals	using	CESM	Large	Ensemble	(Long	et	al.,	2016).	

Increase	of	export	production	stimulated	by	the	warming	will	 increase	remineralization	of	the	

sinking	 particulate	 organic	 carbon	 (POC),	 causing	 rapid	 depletion	 of	 subsurface	 oxygen	 and	

reducing	interior	oxygen	concentration.	A	decreased	ventilation	rate	increases	residence	time	of	

subsurface	 waters,	 which	 allows	 more	 particulate	 organic	 matter	 (POM)	 remineralization	 to	

occur,	further	reducing	oxygen	concentration	in	the	ocean	(Fig.	4).	Currently,	the	lowest	oxygen	

concentrations	are	found	in	the	thermocline	(Matear,	2003).	Changes	in	oxygen	can	be	caused	

by	changes	in	AOU	or	Oxygen	Saturation	(O2sat)	with	the	equation:		

																																																																∆𝑂" = 𝑂"𝑠𝑎𝑡 − ∆𝐴𝑂𝑈																																																														(3)	
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Figure	4.	A	schematic	vertical	profile	of	water	column	process	shows	the	well	oxygenated	euphotic	zone,	oxycline/upper	nitricline	
region,	suboxic	zone,	and	anoxic	zone.	POM	=	particulate	organic	matter	(Pena	et	al.,	2010).	

	 	

Shifts	in	ecosystems,	as	well	as	mass	extinctions,	have	occurred	during	periods	when	the	

oxygen	content	in	the	ocean	was	low.	Atmospheric	oxygen	concentrations	increased	around	2.4	

billion	years	ago	due	to	the	evolution	of	life	(Knoll	and	Carroll,	1999)	and	then	low	atmospheric	

concentrations	 of	 oxygen	 542	 million	 years	 ago,	 during	 the	 Phanerozoic,	 led	 together	 with	

oceanic	hypoxia	and	numerous	anoxic	events	to	mass	extinctions.	Biotic	 life	declined	385-360	

million	years	ago,	during	the	Devonian	and	Carboniferous	periods,	when	shallow	continental	seas	

suffered	wide-spread	anoxia.	The	Permian-Triassic	extinction	that	occurred	252	million	years	ago	

brought	about	a	90%	loss	of	all	marine	animal	life	when	both	shallow	marine	and	deep	ocean	

environments	were	widely	anoxic	(Erwin,	2006).	According	to	the	historical	record,	the	extent	of	

oxygen-depleted	waters	and	OMZs	are	sensitive	to	climate	and	many	anoxic	events	in	the	ocean	

have	 coincided	 with	 times	 of	 elevated	 atmospheric	 carbon	 dioxide	 (Falkowski	 et	 al.,	 2011),	

making	current	and	future	anthropogenic	climate	change	due	to	an	increase	of	anthropogenic	
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CO2	of	concern	to	marine	life	because	of	widespread	mortality	and	extended	areas	of	hypoxic	or	

anoxic	conditions	(Stramma	et	al.,	2012).	
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Chapter	Two:	Objective	
	

	

This	 study	 focuses	on	 the	decline	 in	DO	concentration	and	 the	extent	of	 the	OMZs	 in	

response	to	climate-induced	changes	in	solubility,	NPP,	and	vertical	carbon	fluxes	linked	to	an	

increase	in	CO2	radiative	forcing.	For	this	purpose,	a	set	of	simulations	with	a	Community	Earth	

System	Model	(CESM)	are	analyzed.	A	preindustrial	reference	simulation	is	compared	with	two	

CO2	radiative	forcing	sensitivity	experiments,	one	with	2x	and	the	other	with	4x	the	preindustrial	

atmospheric	 CO2	 level.	 The	 goal	 is	 to	 predict	 changes	 in	 OMZ	 extent	 and	 understand	

biogeochemical	and	physical	processes	that	contribute	to	these	changes.		
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Chapter	Three:	Model	Description	

	
	

In	this	study,	a	fully-coupled	general	atmosphere-ocean	circulation	and	biogeochemical	

cycling	model	of	the			1̴°	x	1°	horizontally	resolved	CESM	1.2.2	(Hurrell	et	al.,	2013),	is	used.	It	has	

interactive	 carbon-nitrogen	 cycling,	 a	 marine	 ecosystem-biogeochemical	 model,	 and	 new	

chemical	 and	 physical	 processes	 to	 study	 aerosol	 effects	 on	 climate	 and	 consists	 of	 the	

Community	 Atmospheric	 General	 Circulation	 Model	 version	 4	 (CAM4),	 the	 Parallel	 Ocean	

Program	version	2	(POP2),	a	general	model	of	the	ocean	circulation,	a	dynamic	sea	ice	model,	the	

Community	Ice	Code	version	4	(CICE4),	and	a	Community	Land	Model	version	4	(CLM4)	(Gent	et	

al.,	2011).	

	 Several	improvements	have	been	made	to	CAM4	from	the	previous	version.	CAM4	has	an	

improved	representation	of	deep	convection	that	occurs	less	frequently	in	comparison	to	CAM3.	

CAM4	 uses	 a	 horizontal	 grid	 for	 latitude/longitude	 with	 280	 x	 200	 points,	 giving	 a	 uniform	

resolution	of	1˚	version	and	half	the	number	of	grid	points	in	the	2˚	version.	CAM4	uses	26	layers	

in	the	vertical	(Gent	et	al.,	2011).	

	 POP2	 utilize	 a	 nominal	 Gaussian	 ~1˚	 grid.	 In	 the	 Northern	 Hemisphere,	 the	 pole	 is	

displaced	over	Greenland	whereas	 in	 the	Southern	Hemisphere	over	Antarctica.	Resolution	 is	

uniformly	1.11˚	in	the	zonal	direction	and	the	horizontal	grid	has	320	x	384	points.	The	meridional	

resolution	 gradually	 increases	 from	0.27˚	 around	 the	 equator,	 to	 0.54˚N	 and	 0.54˚S	 and	 it	 is	

constant	at	higher	latitudes	(Gent	et	al.,	2011).	There	are	60	vertical	levels	at	depths	from	10	m	

in	the	top	150	m	and	increase	to	250	m	below	4000	m	(Hurrell	et	al.,	2013).			
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	Biogeochemical	 Elemental	 Cycling	 (BEC)	model	 simulates	 ocean	 biogeochemistry	 and	

lower-trophic-level	marine	ecosystem	dynamics.	This	ecosystem	model	is	adapted	from	Doney	

et	al.	(1996)	and	includes	several	phytoplankton	functional	groups,	such	as	diatoms,	diazotrophs,	

cocolithiphores,	and	a	smaller	phytoplankton.	(Moore	et	al.,	2002,	Moore	et	al.,	2004,	Moore	et	

al,	2013).	The	growth	rates	of	phytoplankton	are	determined	by	light	and	nutrient	availability	and	

use	a	modified	 form	of	a	growth	model	by	Geider	et	al.	 (1998)	and	phosphorus	and	nitrogen	

maximum	and	minimum	values	from	Geider	et	al.	(1998)	are	used.	The	BEC	model	uses	these	

groups	to	track	the	cycling	of	carbon,	nitrogen,	phosphorous,	iron,	silicon,	and	oxygen	(Moore	et	

al.,	2013).		

The	biogeochemical	model	is	coupled	to	an	ocean	biogeochemical	model	that	affects	the	

physical	 climate	 by	 providing	 the	 surface	 chlorophyll	 concentrations	 that	 depends	 on	 the	

absorption	profile	of	 shortwave	 radiation	 in	 the	ocean.	 This	model	 also	 considers	 air-sea	 gas	

exchange	with	atmospheric	pCO2.	In	addition,	it	has	an	atmospheric	chemistry	package	and	an	

enhanced	 atmospheric	 physics	 parameterizations.	 The	 atmospheric	 model	 uses	 prescribed	

anthropogenic	CO2	surface	fluxes	from	fossil	fuel	emissions	and	land	use	changes.	The	sum	of	the	

surface	fluxes	is	used	as	a	surface	boundary	condition.	These	fluxes	are	the	atmospheric	tracer	

for	the	ocean,	land,	and	fossil	fuel	fluxes	and	one	net	CO2	tracer.	The	atmospheric	model	then	

transports	the	tracers	as	dry	mixing	rations.	The	column	average	of	the	net	CO2	tracer	is	used	in	

atmospheric	radiative	transfer	computations	and	the	net	CO2	tracer	in	the	bottom	layer	is	used	

in	terrestrial	photosynthesis	and	sea-to-air-flux	computations	(Lindsay	et	al.,	2014).	

	 CLM4	 has	 many	 additional	 capabilities,	 input	 datasets,	 and	 updates	 to	 the	

parameterization.	 A	 carbon-nitrogen	 (CN)	 cycle	 component	 is	 included	 that	 is	 prognostic	 in	



12	
	

carbon	and	nitrogen,	though	the	fluxes	for	carbon	and	nitrogen	are	diagnostic	and	not	passed	to	

the	atmosphere.	The	CN	component	impacts	climate	through	season	and	interannual	vegetation	

phenology.	River	discharge	has	been	separated	into	streams	of	liquid	and	water	and	the	global	

heat	conservation	has	been	improved	since	heat	from	the	ocean	component	is	needed	to	melt	

the	ice	(Gent	et	al.,	2011).	 	

	 Important	developments	have	been	added	to	CICE4.	A	new	radiative	transfer	scheme	was	

incorporated.	 Inherent	optical	properties	defining	scattering	and	absorption	characteristics	of	

snow,	sea	ice,	and	absorbers	are	used	by	the	delta-Eddington	radiative	transfer	which	allows	for	

melt	pond	and	absorbers	to	be	incorporated.	Much	more	realistic	surface	ice	albedos	are	also	

used	in	this	version	than	in	CCSM3.	The	horizontal	grid	for	the	ocean	component	is	used	for	the	

sea	ice	component	(Gent	et	al.,	2011).	

For	the	preindustrial	control	run,	the	year	1850	was	used	because	the	CO2	and	aerosol	

concentrations	were	closer	to	the	preindustrial	levels	in	1850.	The	1x	CO2	scenario	was	initialized	

from	a	1000-year	simulation	and	then	integrated	for	150	years	to	reach	a	quasi-steady	state	for	

the	upper	ocean.	Additional	runs	were	made	for	2x	CO2	and	4x	CO2	and	the	annual	average	of	the	

last	ten	model	years	of	each	run	(1x	CO2,	2x	CO2,	and	4x	CO2)	were	analyzed	for	the	effect	upon	

oxygen,	nutrients,	and	NPP.	
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Chapter	Four:	Results	

	
	

The	difference	of	SST	between	the	2x	CO2	and	1x	CO2	experiment	is	displayed	in	(Fig.	5).		

The	4x	CO2	scenario,	when	compared	to	the	1x	CO2	experiment,	a	rise	in	SST	of	3	°C	to	5	°C,	in	

Pacific	and	Atlantic	Ocean,	between	30	°S	and	60	°S.	A	cooling	anomaly	of	6.5	C	occurs	in	the	

North	Atlantic	Ocean,	between	30°N	and	60°N,	because	of	reduced	poleward	heat	transport.	This	

pattern	is	intensified	in	the	4x	CO2	scenario	relative	to	the	1x	CO2	experiment.	Compared	to	the	

1x	CO2	 scenario,	 the	 SST	 rises	 globally,	with	 the	 greatest	 change	of	 2°C	 -6°C	 in	 the	 Southern	

Ocean,	whereas	the	cooling	anomaly	in	the	North	Atlantic	Ocean	is	increased	compared	to	the	

difference	between	the	2x	CO2	and	1x	CO2	experiment.	This	cooling	is	in	line	with	the	observed	

cooling	trend	in	the	North	Atlantic	Ocean	since	the	mid-2000s	(Schmidtko	et	al.,	2017),	which	has	

been	linked	to	the	variability	in	the	Gulf	Stream-Subpolar	Gyre	system	and	associated	weakening	

of	deep	water	formation	and	Atlantic	Meridional	Overturning	Circulation	(AMOC)	(Manabe	et	al.,	

1991,	Manabe	and	Stouffer,	1993).	From	1995-2005,	density	anomalies	became	negative	during	

a	pronounced	warming	of	the	subpolar	gyre,	which	decreased	the	strength	of	the	formation	of	

North	 Atlantic	 deep	 waters	 (NADW).	 This	 led	 to	 a	 cooling	 from	 a	 negative	 anomaly	 in	 the	

meridional	 heat	 transport.	 A	 positive	 temperature	 anomaly	 in	 the	 northern	 subpolar	 region	

occurs	between	the	4x	CO2	and	1x	CO2	scenario,	due	to	the	cooling	of	the	region	along	the	path	

of	the	Gulf	Stream	(Ruiz-Barradas	et	al.,	2018).	Large-scale	changes	occurring	in	ocean	circulation	

can	have	a	significant	effect	on	surface	temperature	and	these	changes	in	surface	temperature	

cannot	be	neglected	because	they	are	crucial	for	the	behavior	of	the	thermohaline	circulation	

(Rahmstorf	and	Willenbrand,	1995).	
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Figure	5.	Sea	surface	temperature	(SST)	simulated	by	CESM1.2	for	1x	CO2	(a),	2x	CO2	minus	1x	CO2	experiment	(b),	and	4x	CO2	
minus	1x	CO2	experiment	(c).	

	
	 Potential	 temperature	 is	 the	 temperature	 a	water	mass	would	have	 if	 it	were	moved	

adiabatically.	The	SST	differences	between	2x	CO2	and	1	x	CO2	scenario	for	the	upper	2000	m	of	

the	Atlantic	Ocean,	along	20°W,	reveal	an	ocean	warming	with	CO2	radiative	forcing	(Fig.	6).	A	

cooling	anomaly	in	the	North	Atlantic	 is	noticeable	between	30°N-60°N,	 in	the	upper	1000	m.	

Potential	temperature	is	increasing	slightly	between	30°S-60°S.	This	difference	in	the	upper	2000	

m	increased	considerably	in	when	compared	the	4x	CO2	scenario	with	1x	CO2	scenario.	Potential	

temperature	difference	 is	higher	 in	the	upper	2000	m	along	the	equator	and	tropical	regions,	

likely	in	response	to	an	increase	of	surface	air	temperature	and	thermal	stratification.	

	

	
Figure	6.	Cross	section	of	potential	temperature	at	20.0°W	simulated	by	CESM1.2	for	1x	CO2	experiment(a),	2x	CO2	–	1x	CO2	
experiment	(b)	and	4x	CO2	-1x	CO2	experiment	(c).	
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Ekman-induced	 upwelling	 and	 downwelling	 is	 of	 importance	 for	 the	 biogeochemical	

tracers	in	the	ocean.	Intense	Ekman-upwelling	occur	along	the	equatorial	divergence	in	the	1x	

CO2	 scenario	 (Fig.	 7).	 In	 the	 center	 of	 subtropical	 gyres,	 Ekman-induced	 convergence	 lead	 to	

downwelling.	 Ekman-induced	 upwelling	 occurs	 along	 the	west	 coasts	 of	 the	 continents	 from	

shallow	depth	<300	m.	The	upwelled	water	masses	have	nutrient	concentration,	thus	promoting	

primary	productivity.	As	part	of	the	Stommel	and	Arons’s	(1960)	abysall	upwelling	from	nutrient-

rich	layers	of	the	deep	ocean	with	the	upper	layer	of	ocean	transporting	nutrients	to	the	surface	

(Velez-Belchi	and	Tintore,	2001).	

	 In	the	2x	and	4x	CO2	scenarios,	upwelling	is	decreasing	in	coastal	and	equatorial	upwelling	

areas.	 There	 is	 a	 weak	 permanent	 annual	 upwelling	 zone	 at	 26-35	 °N,	 a	 permanent	 annual	

upwelling	 zone	 at	 21-26	 °N,	 the	Mauritania-Senegalese	 upwelling	 zone	 at	 12-19	 °N,	 and	 the	

canary	upwelling	ecosystem	(CUE)	off	northwest	Africa	at	11-35	°N.	Note	that	persistent	winds	

are	needed	in	order	for	Ekman-induced	upwelling	to	occur	along	the	west	coasts	(e.g.	Cropper	et	

al.,	2014).	This	decrease	 in	coastal	upwelling	could	be	due	to	decline	 in	 the	strength	of	 trade	

winds	(e.g.	Hsieh	and	Boer,	1992).		
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	 In	 the	Southern	Ocean,	however,	upwelling	 is	 intensified	 in	global	warming	 scenarios.	

Upwelling	 is	 increasing	 in	 the	subtropical	Atlantic	Ocean,	around	23.5	 °S	and	 in	 the	Southern	

Ocean,	south	of	60	°S,	for	both	the	2x	CO2	and	the	4x	CO2	scenarios.	Increase	wind	stress	in	the	

Southern	Ocean	in	these	scenarios	are	linked	with	a	stronger	polar	vortex	compared	to	the	1x	

CO2	scenarios	and	this	rise	in	wind	stress	could	amplify	convective	overturning.	This	convection	

could	mix	nutrients	 to	 the	surface	and	 thus	stimulate	primary	productivity	 (Lauderdale	et	al.,	

2013).	

	

	

Figure	7.	Vertical	velocity	simulated	with	CESM1.2	at	100	m	for	1x	CO2	(a),	the	difference	between	2x	CO2	minus	1x	CO2	
experiment	(b),	and	4x	CO2	minus	1x	CO2	experiment	(c).	

	 	

	 The	 surface	mixed	 layer	 in	 the	 ocean	 is	 where	 salinity,	 temperature,	 and	 density	 are	

vertically	uniform	due	to	wind-induced	turbulent	mixing.	The	mixed	layer	thickness	influences	

the	heat	content	of	the	ocean.	It	is	important	to	analyze	the	mixed	layer	depth,	in	the	context	of	

analyzing	 oxygen	 minimum	 zone,	 and	 its	 effect	 on	 biological	 activity,	 however,	 the	 oxygen	

estimate	in	model	validations	may	be	biased	in	regions	of	Ekman	pumping	or	strong	biological	

activity	(de	Boyer	Montegut	et	al.,	2004).		
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	 With	the	increase	of	SST	due	to	anthropogenic	climate	change,	upper	ocean	stratification	

is	expected	and	most	of	the	heat	is	being	absorbed	near	the	surface	of	the	ocean,	whereas	deep	

ocean	 changes	 have	 been	 minimal.	 Surface	 warming	 enhances	 the	 vertical	 surface	 density	

gradient	 and	 thus	 ocean	 stratification.	 Though	 surface	 warming	 stimulates	 productivity,	

stratification	and	reduced	nutrient	supply	reduce	marine	productivity.	Ocean	stratification	can	

be	diminished	by	wind-driven	divergence	(Somavilla	et	al.,	2017)	but	increased	stratification	in	

the	upper	ocean	could	counteract	the	effects	of	Ekman-induced	upwelling	(Bakun	et	al.,	2015).		

	 In	the	1x	CO2	scenario	(Fig.	8),	the	mixed	layer	depth	is	deepest	in	the	temperate	latitudes	

of	the	Atlantic	Ocean,	particularly	 in	the	North	Atlantic	Ocean	 linked	to	winter	cooling.	When	

anthropogenic	CO2	is	doubled,	the	mixed	layer	gets	shallower	throughout	most	of	the	ocean,	but	

not	uniformly.	The	most	notable	change	 is	an	 increase	 in	the	depth	of	 the	mixed	 layer	 in	the	

North	Atlantic	Ocean,	 due	 to	 reduced	 temperature	 contrast	 between	 land	 and	ocean.	 In	 the	

Southern	Ocean	however,	 the	mixed	 layer	deepens	with	CO2	 radiative	 forcing	due	 to	 surface	

cooling	 and	 increased	 wind	 stress.	 Similar	 changes	 occur	 when	 CO2	 concentration	 in	 the	

atmosphere	is	quadrupled.	Note,	that	the	Northern	North	Atlantic	stability	is	lower	in	the	4x	CO2	

scenario	compared	to	the	1x	CO2	because	of	retreat	of	sea	ice	(Manabe	et	al.,	1991)	and	thus	

exposure	of	surface	to	cool	air	temperature	advection	from	Greenland.	Correspondingly,	reduced	

sea	ice	cover	in	the	Southern	Ocean	lead	to	deepening	of	the	maximum	mixed	layer	depth	due	

to	cold	air	advection	in	the	4x	CO2	scenario	compared	to	the	1x	CO2	experiment.		
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Figure	8.	Maximum	Mixed-Layer	Depth	simulated	by	CESM1.2	for	1x	CO2	experiment	(a),	and	the	difference	between	2x	CO2	
minus	1x	CO2	experiment	(b)	and	4x	CO2	minus	1x	CO2	experiment	(c).	 	

	

The	North	Atlantic	meridional	overturning		occurs	predominately	during	the	wintertime	

due	to	heat	release	from	water	masses	that	originated	from	the	North	Atlantic	Current.	Previous	

model	studies,	when	calibrated	with	SST	data,	estimated	that	the	Atlantic	meridonal	overturning	

circulation	(AMOC)	has	declined	in	strength	by	15%	since	the	industrial	era,	probaly	due	to	global	

warming	caused	by	anthropogenic	climate	greenhouse	gas	emissions,	which	may	have	added	

fresh	water	to	the	surface	ocean	from	the	melting	of	the	Greenland	Icesheet,	and	this	would	have	

led	to	a	reduction	in	density	of	the	North	Atlantic	Ocean	water	(Cesar	et	al.,	2018;	Praetorius,	

2018).	

	 When	atmospheric	CO2	is	doubled	(Fig.	9),	a	decrease	of	approximately	10	Sverdrups	(Sv)	

is	 simulated	 in	 the	North	Atlantic	Ocean.	A	quadrupling	of	 atmospheric	CO2	 leads	 to	 a	much	

greater	decrease	and	slowdown	in	the	AMOC,	by	approximately	20	Sv,	compared	to	the	2x	CO2	

experiment.	The	largest	decrease	is	still	in	the	temperate	latitudes	of	the	North	Atlantic	Ocean,	

but	the	range	of	the	decrease	is	becoming	more	pronounced	throughout	the	Atlantic	Ocean.	A	

freshening	of	the	North	Atlantic	Ocean,	due	to	enhanced	precipitation	and	increased	SST,	could	

be	responsible	for	the	decline	in	the	simulated	AMOC	with	increase	in	CO2	radiative	forcing.	
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Figure	9.	Atlantic	Meridional	Overturning	Circulation	is	simulated	by	CESM1.2	for	1x	CO2	experiment	(a),	the	difference	of	the	2x	
CO2	minus	the	1x	CO2	experiment	(b),	and	the	4x	CO2	minus	the	1x	CO2	experiment	(c).	

	

	 Idealized	age	is	the	average	time	it	has	taken	for	a	particular	water	mass	to	make	contact	

with	 the	 surface	 and	be	 ventilated	 (Thiele	 and	 Sarmiento,	 1990;	 England,	 1995;	 Bryan	 et	 al.,	

2006).	It	is	important	to	analyze	the	idealized	age	because	this	can	impact	important	cycles,	such	

as	the	distribution	of	 tracer	dissolved	oxygen	 in	the	ocean	(Gnanadesikan	et	al.	2007).	Global	

warming	 is	 expected	 to	 increase	 ocean	 stratification	 (Gruber,	 2011)	 and	 with	 increasing	

stratification,	it	can	be	expected	that	there	would	be	less	effective	mixing	and	an	older	ocean	

interior	(Gnanadesikan	et	al.,	2007).	

	 Idealized	age	was	 simulated	at	a	depth	of	1000	m	 for	all	 three	 scenarios	 (Fig.	10).	An	

increase	in	CO2	radiative	forcing	resulted	in	the	general	decline	in	the	ventilation	of	the	abyss.	

Along	the	tropics,	off	the	east	coast	of	South	America,	the	idealized	age	of	Antarctic	intermediate	

water	at	1000	m	is	higher	in	the	2x	CO2	and	4x	CO2	scenarios	compared	to	1x	scenario	because	

of	 a	 reduction	 in	 the	 formation	 of	 Antarctic	 intermediate	 water	masses,	 possibly	 due	 to	 an	
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increase	of	precipitation	from	the	hydrological	cycle	and	increase	stratification	near	the	subpolar	

front	where	the	water	mass	forms	(Sarmiento	et	al.,	2004).	Furthermore,	a	younger	idealized	age	

in	regions	with	low	DO	results	from	increased	mixing	(Gnanadesikan	et	al.,	2007).	In	the	Southern	

Ocean,	mid-latitude	westerlies	are	simulated	under	global	warming	scenarios,	and	thus	Ekman	

layer	deepen	in	these	scenarios.	However,	below	this	 layer,	the	 idealized	age	of	the	Southern	

Ocean	is	increasing	in	the	4x	CO2	scenario	because	of	increased	stratification.	

	

	

Figure	10.	Idealized	age	simulated	by	CESM1.2	at	1000	m	for	a	1x	CO2	(a),	the	difference	between	2x	CO2	and	1x	CO2	experiment	
(b)	and	the	difference	between	4x	CO2	and	1x	CO2	experiment	(c).	

	 	

In	this	model,	the	photosynthetic	carbon	fixation	rate,	minus	the	fraction	of	fixed	carbon	

that	 is	 used	 for	 autotrophic	 planktonic	 microbes	 and	 benthic	 plants,	 is	 called	 Net	 Primary	

Production	(NPP).	This	process	can	be	influenced	by	atmospheric	and	oceanic	processes,	such	as	

sea	ice	extent,	currents,	stratification,	and	upwelling.	This	model	includes	limiting	nutrients,	such	

as	 nitrogen,	 phosphorus,	 iron,	 and	 silicon,	 as	 we	 as	 light	 levels	 that	 regulate	 phytoplankton	

growth	rates	for	key	phytoplankton	functional	groups,	such	as	diatoms	and	diazotrophs,	which	

are	modelled	after	Trichodesmium	spp.,	and	cocolithophores	(Moore	et	al.,	2002),	and	tracks	the	

cycling	 of	 carbon,	 nitrogen,	 phosphorus,	 iron,	 silicon	 and	 oxygen,	 key	 elements	 in	 the	 ocean	
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(Moore	et	al.,	2013).	Basin-scale	patterns	of	primary	and	export	production	are	reproduced	in	

the	BEC	model	used	in	CESM	(Moore	at	al.,	2004).		Anthropogenic	climate	change	is	expected	to	

decrease	NPP	in	the	open	ocean,	although	a	slight	increase	is	projected	to	occur	at	high	latitudes	

(Boyd	et	al.,	2014).	

	 At	100	m,	the	base	of	the	euphotic	zone,	the	majority	of	NPP	occurs	along	the	tropics	and	

in	the	Southern	Ocean	(Fig.	11).	A	decrease	in	NPP	with	an	increase	in	CO2	radiative	forcing	occurs	

in	the	North	Atlantic	Ocean,	consistent	with	the	cooling	and	reduced	AMOC,	and	in	the	central	

equatorial	Atlantic	and	Pacific	Ocean,	due	to	reduced	Ekman-induced	upwelling,	and	along	the	

Southern	Ocean.	In	the	4x	CO2	scenario,	NPP	in	the	Southern	Ocean	is	lower	compared	to	the	1x	

CO2	scenario	because	of	a	decrease	 in	 the	mixed	 layer	depth	and	mixing	 (Fig.	6c,	7c,	and	8c)		

(Gruber,	2011).	Reduced	NPP	then	 leads	to	a	reduction	 in	POC	which	will	 increase	DO.	 In	the	

central	North	Atlantic	Ocean,	 in	 the	 region	of	 the	Atlantic	Circumpolar	Current	 (ACC),	NPP	 is	

higher	in	the	4x	CO2	than	in	the	1x	CO2	scenario.	Cooler	temperatures	are	observed	in	the	North	

Atlantic	Ocean	under	increased	levels	of	CO2	levels,	which	may	be	caused	by	the	slowing	down	

of	the	AMOC	(Praetorius,	2018).	Loss	of	sea	ice	from	a	rise	in	ocean	temperatures	could	cause	

the	ice	edge	to	recede	and	erode	stratification,	providing	increased	light	and	access	to	nutrients,	

thereby	enhancing	NPP	(Randelhoff	and	Sundfjord,	2018).	
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Figure	11.	Net	Primary	Production	(NPP)	is	simulated	by	CESM1.2	at	100	m	for	the	1x	CO2	experiment	(a),	difference	between	the	
2xCO2	scenario	minus	the	1xCO2	scenario	(b),	and	difference	between	the	4xCO2	scenario	minus	the	1xCO2	scenario	(c).	

	

Nitrate	is	one	of	the	limiting	nutrients	for	photosynthesis	in	the	ocean.	The	concentration	

of	nitrate	follows	the	ocean	circulation	and	biological	pump	(Smith	et	al.,	2009).	The	size	of	the	

nitrogen	reservoir	can	impact	atmospheric	CO2	by	limiting	the	effeciancy	of	the	biological	pump	

(Falkowski,	1997).	Nitrate	sources	in	the	ocean	are	created	by	nitrogen	fixation	by	cyanobacteria	

and	 riverine	 runoff	whereas	 loss	 of	 nitrate	 occurs	 by	 sedimentation	 and	 in	 hypoxic	 zones	 by	

denitrification.	In	oxygen	minimum	zones,	nitrate	is	consumed	because	under	hypoxic	conditions,	

aerobic	bacteria	may	utilize	the	chemical	binded	oxygen	during	remineralization	(Gnanadesikan	

et	al.,	2007).		
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	 The	highest	levels	of	inorganic	nitrate	in	the	Atlantic	Ocean	are	within	the	upper	100	m	in	

the	Ekman-induced	upwelling	zones	in	the	tropics	and	in	the	Southern	Ocean	where	a	significant	

amount	of	upwelling	occurs	(Fig.	12).	Nitrate	 levels	decrease	globally	along	the	surface	of	the	

ocean	and	from	within	the	upper	1000	m	of	the	Southern	Ocean	and	equatorial	region.	In	the	4x	

CO2	scenario,	reduced	mixing	in	the	North	Atlantic	lead	to	increased	depletion	of	nutrients	in	the	

upper	 200	 m.	 Below	 this	 level,	 nutrient	 concentrations	 are	 increasing,	 which	 is	 linked	 to	

reminerilization	of	particulate	organic	phosphorus	(POP)	and	reduced	ventilation.		

	

	

Figure	12.	Section	of	dissolved	inorganic	nitrate	(NO3)	in	the	Atlantic	Ocean	simulated	by	CESM1.2	for	1x	CO2	experiment	(a)	,	
differences	between	the	2x	CO2	experiment	and	1x	CO2	experiment	(b),	and		differences	between	the	4x	CO2	experiment	and	1x	
CO2	experiment	(c).	

	
In	additon	to	nitrate,	phosphorus	is	an	important	nutrient	for	phytoplankton	growth.	The	

upper	water	column	of	 the	Atlantic	oceans	 is	 rich	 in	nitrogen,	carbon,	and	phosphorous.	The	

majority	 of	 phosphorus	 in	 the	 ocean	 is	 recycled	 within	 the	 ocean	 with	 river-run-off	 input	

balanced	by	loss	by	sedimentation.	Increased	supply	of	phosphorous	to	the	ocean	lead	to	a	higher	

ocean	productivity	and	oxygen	demand	(Watson	et	al.,	2017),	but	this	effect	is	not	simulated	in	

this	study.	With	an	increase	in	CO2	radiative	forcing,	phosphate	concentration	declines,	similarly	

to	the	decline	in	nitrate	concentration,	within	the	upper	1000	m	along	the	equatorial	Atlantic	
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(Fig.	 13).	However,	 in	 the	highly	productive	 Southern	Ocean,	 along	 the	Antarctic	 circumpolar	

current	(ACC),	an	increase	in	the	phosphate	concentration	with	CO2	radiative	forcing	is	predicted.	

With	 increasing	 temperature	 and	 a	 limit	 in	 nutrients,	 oxygen	 demand	 decreases	 in	 the	

subsurface.	

	

	

Figure	13.	Cross-section	of	dissolved	inorganic	phosphate	(PO4)	in	the	Atlantic	Ocean	simulated	with	CESM1.2	for	1x	CO2	
experiment		(a),	differences	between	the	2x	CO2	experiment	and	1x	CO2	experiment	(b),	and		differences	between	the	4x	CO2	
experiment	and	1x	CO2	experiment	(c).	

	

	 The	requirements	of	marine	life	for	phosphorous,	nitrogen	and	oxygen	correspond	to	the	

ratio	of	PO4,	NO3,	and	O2	dissolved	in	the	ocean	(Redfield,	1958)	and	the	Redfield	ratios	describe	

the	relationship	between	the	oxygen	required	to	respire	for	the	average	marine	organic	matter	

composition	 (Redfield,	 1934,	 1958).	 In	 the	 deep	 water,	 the	 Redfield	 ratio	 of	 phosphorus	 to	

nitrogen	 is	 1:16.	 Nitrate	 is	 typically	 the	 limiting	 nutrient	 for	 marine	 organic	 matter	 so	 the	

concentration	of	nitrate	in	the	deep	ocean	determines	the	oxygen	demand	of	respiration	(Lenton	

and	 Watson,	 2000).	 Redfield	 (1934,	 1958)	 suggested	 that	 nitrogen	 fixing	 and	 denitrifying	

organisms	may	 regulate	 the	 amount	 of	 nitrate	 in	 the	 ocean,	 via	 the	 Redfield	 ratio,	 and	 that	

nitrogen	fixation	can	provide	a	negative	feedback	mechanism,	where	if	phosphate	increases	in	
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the	Redfield	ratio,	nitrogen	 fixing	organisms	will	be	given	a	selective	advantage,	which	would	

increase	nitrate	in	the	ocean,	and	if	phosphate	decreases	in	the	Redfield	ratio,	nitrogen	fixation	

will	be	selected	against	and	denitrification	will	 reduce	nitrate	until	 the	amount	returns	to	the	

Redfield	ratio.	An	increase	in	nitrate	also	increases	new	production,	which	leads	to	anoxia	in	the	

water-column.	 Denitrification	 occurs	 when	 oxygen	 concentration	 falls	 sufficiently	 low,	 but	 a	

decrease	in	nitrate	will	reduce	anoxia	and	denitrification.	

	 In	the	1x	CO2	scenario	(Fig.	14a),	the	Redfield	ratio	of	NO3	to	PO4	is	simulated	at	500	m,	

at	the	center	of	the	equatorial	Atlantic	Ocean	OMZ.	Note	that	the	lowest	concentrations	of	NO3	

and	PO4	are	simulated	within	the	largest	known	OMZs.	This	is	the	opposite	of	the	N:P	predicted	

ratios	for	the	Atlantic	Ocean	by	Galbraith	and	Martiny	(2015),	which	was	based	on	observed	PO4	

and	NO3	concentrations	from	the	upper	30	m	in	the	World	Ocean	Atlas,	with	the	lowest	N:P	ratios	

in	the	Southern	Ocean	and	the	highest	N:P	ratios	in	between	50	°N	and	50	°S.	This	discrepancy	is	

likely	due	to	the	model	being	unable	to	resolve	the	ratio	when	values	are	too	close	to	zero.	A	low	

N:P	ratio	has	been	observed	in	the	high-latitude	Southern	Ocean,	attributed	to	an	abundance	of	

phosphorus-rich	molecules	in	cold	phytoplankton	which	grow	quickly.	In	contrast,	oligotrophic	

regions	tend	toward	a	high	N:P	ratio,	due	to	enhanced	reliance	on	nitrate-rich	proteins	(Galbraith	

and	Martiny,	2015).	When	the	4x	CO2	simulation	 is	compared	to	the	preindustrial	control	run	

(Figure	14b),	the	Redfield	ratio	skews	towards	NO3,	particularly	in	the	North	Atlantic	Ocean.	The	

higher	Redfield	ratio	of	N:P	is	more	evident	within	the	intermediate	waters	of	the	North	Atlantic	

Ocean,	likely	due	to	an	increase	of	POC	flux	from	the	increased	NPP	in	this	area.	Conversely,	there	

is	 a	 decrease	 in	 the	 Redfield	 Ratio	 of	N:P	within	 the	 equatorial	 Atlantic	OMZ,	which	may	 be	

explained	by	an	 increase	of	denitrification	with	decreased	DO.	Overall,	 the	 ratio	of	nitrate	 to	
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phosphate	concentrations	in	the	Atlantic	Ocean	closely	matched	the	Redfield	ratio	in	the	4x	CO2	

scenario,	though	there	appears	to	be	a	slight	skewing	towards	NO3	(Fig.	16).			

	

	
Figure	14.	The	Redfield	Ratio	(NO3/PO4)	is	simulated	using	CESM1.2	at	500	m	for	the	1x	CO2	experiment	(a),	the	2x	CO2	scenario	
(b),	and	for	the	4x	CO2	scenario	(c).	

	

	

Figure	15.	Cross-section	of	 the	Redfield	 ratio	 (NO3/PO4)	 in	 the	Atlantic	Ocean	at	20	 °W	simulated	with	CESM1.2	 for	a	1x	CO2	
experiment	(a),	the	2x	CO2	experiment	(b),	and	the	4x	CO2	experiment.	
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Figure	16.	A	scatter	plot	for	the	Redfield	Ratio	(NO3/PO4)	simulated	with	CESM1.2	for	1x	CO2	(blue)	and	4x	CO2	(red).	

	

	 The	Redfield	ratio	of	NO3	to	PO4	is	fairly	constant	in	marine	organic	matter,	but	can	be	

altered	with	changes	 in	 the	distributions	of	phytoplankton	population	that	have	different	N:P	

ratios.	Phytoplankton	composition	is	known	to	have	changed	several	times	throughout	Earth’s	

history,	the	most	recent	being	the	evolution	of	diatoms	200	million	years	ago	(Planavsky,	2014).	

For	marine	ecosystems,	nitrogen	fixation	plays	a	critical	role	in	the	nitrogen	cycle	and	changes	in	

nitrogen	fixing	autotrophs,	such	as	diazotrophs,	may	be	significantly	 impacted.	Redfield	ratios	

were	 calculated	 from	 the	 CESM1.2.2	 1x	 CO2	 run	 for	 large	 phytoplankton	 (16.9),	 small	

phytoplankton	 (16.9),	 diazotrophs	 (42.6),	 and	 small	 detritus	 (42.4).	 According	 to	 Justus	 von	

Liebig’s	law	of	minimum,	the	yield	is	proportional	to	the	amount	of	the	most	limiting	nutrient	

and	 based	 on	 these	 Redfield	 ratios,	 the	 diazotroph	 phytoplankton	 group	 limiting	 factor	 for	

growth	is	phosphorus.	The	diazotroph	grow	more	slowly	than	other	plankton	types	and	depend	
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on	an	excess	of	iron	and	phosphorus	over	nitrogen	(Berman-Frank	et	al.,	2001),	so	they	can	be	

out	competed	if	they	are	limited	by	iron	or	dissolved	inorganic	phosphorus.	Diazotrophs	can	only	

co-exist	with	other	phytoplankton	species	if	they	are	nitrogen	limited	because	of	their	low	growth	

rate	 (Dutkiewicz	 et	 al.,	 2014).	With	 an	 increase	 of	 stratification	 in	 the	 North	 Atlantic	 and	 a	

reduction	in	the	AMOC,	macronutrient	supply	to	surface	of	the	ocean	and	primary	productivity	

at	higher	 latitudes	decrease,	 thus	the	competition	of	organism	over	these	nutrients	may	rise.	

Diazotrophs’	maximum	growth	rate	is	affected	by	an	increase	of	temperature	and	they	may	have	

a	more	favorable	environment	with	a	lower	macronutrient	supply.	This	could	explain	the	increase	

of	diazotroph	distribution	in	the	North	Atlantic	Ocean	at	40	°N	(Fig.	17b)	in	the	4x	CO2	scenario,	

relative	 to	 the	 	 1x	 CO2	 scenario	 (Fig.	 17a).	 The	 change	 in	 higher	 diazotrophs	 and	 associated	

increased	nitrogen	fixation	may	contribute	to	higher	Redfield	ratio	at	this	latitude	increase	and	

diazotroph-related	POC	flux.	

	

	

Figure	17.	Surface	level	diazotroph	distribution	simulated	using	CESM1.2	for	1x	CO2	(a),	for	the	difference	between	2x	CO2	and	1x	
CO2	(b),	and	for	the	difference	between	4x	CO2	and	1x	CO2	(c).	

	

Changes	 in	 DO	 concentration	 indicates	 physical	 and	 biological	 changes	 in	 the	 ocean	

(Stramma	et	al.,	2008).		Climate	change	simulations	predict	a	decline		in	oxygenation	throughout	

most	parts	of	the	ocean	(Long	et	al.,	2016).	At	the	surface	layer	of	the	ocean,	oxygen	is	saturated	
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because	of	the	exchange	with	the	overlying	air.	Wave	entrainment	and	marine	productivity	can	

lead	to	a	supersaturation.	Increase	in	remineralization	of	POP	in	intermediate	depth	enhances	

the	 extent	 of	 the	 OMZ	 whereas	 ventilated	 North	 Atlantic	 Deep	 Water	 masses	 lead	 to	 DO	

increases	in	deeper	levels	below	the	OMZ	(Brandt	et	al.,	201).	The	concentration	of	oxygen	in	the	

ocean	 interior	 shows	 the	 balance	 between	 advection,	 diffusion	 and	 the	 biological-induced	

consumption	(Frolicher	et	al.,	2009).	 It	has	been	predicted	that	anthropogenic	climate	change	

will	lead	to	a	vertical	expansion	of	the	oxygen	minimum	zone	(OMZ)	in	the	tropical	northeast	of	

the	Atlantic	Ocean	(Stramma	et	al.,	2012).	In	the	eastern	tropical	Atlantic	ocean,	the	OMZ	exists	

between	100	and	900	m	depth	(Karstensen	et	al.,	2008)	and	can	be	located	in	the	shadow	zone	

of	the	eastern	boundary	(Stramma	et	al.,	2008).	In	the	past	five	decades,	a	global	oceanic	oxygen	

loss	has	already	been	observed	between	100	and	1000	m	depth	(Schmidtko	et	al.,	2017).		

In	the	1x	CO2	scenario,	the	simulated	extent	of	the	OMZ	in	the	Atlantic	Ocean	(Fig.	19)	

matches	 the	 observed	 OMZ	 of	 the	World	 Ocean	 Atlas	 (NOAA,	 2013)	 (Fig.	 18),	 which	 occurs	

between	30	°N	and	30	°S,	however,	the	model	OMZ	is	too	exensive	(Moore	et	al.,	2013)	along	the	

equatorial	region.	In	the	4x	CO2	experiment,	DO	concentrations	are		lower	in	the	Southern	Ocean,	

and	in	the	North	Atlantic	Ocean	compared	to	the	1x	CO2	scenario.	DO	concentrations	decreases	

with	 depth,	 particularly	 centered	 around	 1000	 m.	 The	 shape	 of	 the	 OMZ	 is	 set	 by	 ocean	

circulation	(Brandt	et	al.,	2015),	as	well	as	increased	stratification.		A	reduced	AMOC	strength	and	

a	reduction	in	the	ventilation	of	the	thermocline	(Frolicher	et	al.,	2009)	could	explain	the	vertical	

expansion	of	the	OMZ	in	the	4x	CO2	scenario,	compared	to	1	x	CO2	scenario	(Fig.	20),	as	well	as	

the	 horizontal	 expansion	 towards	 the	 western	 basin	 of	 the	 Atlantic	 Ocean,	 where	 DO	 is	

decreasing	(Fig.	19c).	The	oxygen	reduction	in	the	deep	ocean	of	the	North	Atlantic	Ocean	with	
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CO2	radiative	forcing	is	linked		to	AMOC	reduction	and	increase	in	biological	oxygen	utilization	

Yamamoto	et	al.,	2015).	

	

Figure	18.	Annual	oxygen	[ml/l]	at	550	m	depth	(one-degree	grid)	taken	from	the	World	Ocean	Atlas	2018	(NOAA,	2018).	

	

	

Figure	19.	Dissolved	oxygen	concentration	simulated	at	550	m	for	1x	CO2	experiment	(a),	differences	between	the	2x	CO2	
experiment	and	1x	CO2	experiment	(b),	and	the	differences	between	the	4x	CO2	experiment	and	1x	CO2	experiment	(c).	

	

Figure	 20.	 Dissolved	 oxygen	 concentration	 simulated	 at	 1000	m	 for	 1x	 CO2	 experiment	 (a),	 differences	 between	 the	 2x	 CO2	
experiment	and	1x	CO2	experiment	(b),	and	the	differences	between	the	4x	CO2	experiment	and	1x	CO2	experiment	(c).	
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	 A	time	series	of	global	dissolved	oxygen	at	1000	m	for	150	years	is	displayed	(Fig	21).	On	

average,	dissolved	oxygen	decreased	with	increasing	atmospheric	pCO2	and	nearly	equilibrates	

after	150	years	of	 integration.	There	 is	a	decline	 in	oceanic	dissolved	oxygen	concentration	 in	

intermediate	depth	with	CO2	radiative	forcing	(Stramma	et	al.,	2008).	

	

	

Figure	21.	Global	dissolved	oxygen	time	series	simulated	at	1000	m	for	the	1x	CO2	scenario	(black),	2x	CO2	scenario	(blue),	and	
4x	CO2	scenario	(red).	

	

	 An	oxygen	minimum	zone	is	simulated	in	the	equatorial	and	tropical	Atlantic	Ocean	at	10	

°N	in	the	1x	CO2	simulation	(Fig.	22).	With	increased	levels	of	atmospheric	pCO2,	a	slight	increase	

of	DO	is	observed	within	the	euphotic	zone	of	the	North	Atlantic	Ocean	and	the	upper	1000	m	of	

this	oxygen	minimum	zone,	as	predicted	by	other	climate	models	(Strama	et	al.,	2008).	However,	

dissolved	oxygen	levels	are	decreasing	at,	and	below,	1000	m	which	could	be	linked	to	enhanced	

stratification.	 The	 decreased	 dissolved	 oxygen	 concentration	 in	 the	 deep	 ocean	 may	 be	

attributed	 to	 reduced	 ventilation,	which	 is	 caused	by	 the	 reduced	AMOC,	 and	 therefore,	 the	
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oxygen	is	residing	longer	in	the	deep	ocean,	giving	it	more	time	to	be	consumed	by	biological	

activity	(Yamamoto	et	al.,	2015).	

	

	

Figure	22.	Cross-section	of	dissolved	oxygen	concentration	in	the	Atlantic	Ocean	at	10	˚N	simulated	with	CESM1.2	for	1x	CO2	
experiment	(a),	differences	between	the	2x	CO2	experiment	and	1x	CO2	experiment	(b),	and		differences	between	the	4x	CO2	
experiment	and	1x	CO2	experiment	(c).	

	

	 Oxygen	 production	 occurs	 in	 the	 euphotic	 zone	 by	 photosynthesis	 and,	 along	 20	 ˚W,	

primarily	in	the	tropical	region,	Southern	Ocean,	and	in	the	North	Atlantic	Ocean	(Fig.	23).	A	small	

decrease	of	oxygen	production	occurs	along	the	equator	and	North	Atlantic	Ocean,	in	the	2x	CO2	

scenario,	and	decreases	further	in	the	North	Atlantic	for	the	4x	CO2	scenario.	Enhanced	upper-

ocean	 stratification	 in	 the	 equatorial	 and	 tropical	Atlantic	Ocean	 could	 lead	 to	 a	 decrease	of	

Ekman-induced	 upwelling	 in	 nutrients	 to	 the	 surface,	which	would	 result	 in	 a	 decline	 of	 net	

primary	 production	 (Beaty	 et	 al.,	 2017,	 Schmidtko	 et	 al.,	 2017).	 The	 decrease	 in	 oxygen	

production	 in	 the	 North	 Atlantic	 Ocean	 could	 be	 due	 to	 the	 slowdown	 of	 the	 AMOC,	which	

changes	the	water	mass	distribution	(Brandt	et	al.,	2015).	
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Figure	23.	Cross-section	of	production	of	dissolved	oxygen	concentration	in	the	Atlantic	Ocean	at	20	˚W	simulated	with	CESM1.2	
for	1x	CO2	experiment	(a),	differences	between	the	2x	CO2	experiment	and	1x	CO2	experiment	(b),	and	differences	between	the	
4x	CO2	experiment	and	1x	CO2	experiment	(c).	

	

DO	 is	 consumed	 by	 remineralization	 of	 sinking	 organic	matter,	 related	 to	marine	 life	

metabolism	 and	 elementary	 chemical	 reactions.	 DO	 consumption	 can	 be	 enhanced	 from	

elevated	primary	production.	This	would	result	in	increased	respiration	when	particles	sink	in	the	

water	column	(Brandt	et	al.,	2015).	Remineralization	decreases	with	depth	and	therefore	 it	 is	

unlikely	that	there	will	be	large	changes	in	consumption	below	1000	m	(Schmidtko	et	al.,	2017).	

Areas	of	increased	biological	activity	from	primary	production	occur	along	the	equatorial	Atlantic	

Ocean,	within	the	euphotic	zone	(Fig.	24).	When	atmospheric	pCO2	are	doubled	and	quadrupled,	

DO	consumption	increases	at	most	depths	except	for	the	upper	North	Atlantic	Ocean.	Enhanced	

remineralization	and	biological	productivity	in	an	area	with	a	shallow	mixed	layer	could	explain	

this	decrease	(Karstensen	et	al.,	2008).	There	is,	however	an	increase	of	DO	consumption	near	

30	˚N,	where	net	primary	production	appears	to	increase.		
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Figure	24.	Cross-section	of	consumption	of	dissolved	oxygen	concentration	in	the	Atlantic	Ocean	at	20	˚W	simulated	with	
CESM1.2	for	1x	CO2	experiment	(a),	differences	between	the	2x	CO2	experiment	and	1x	CO2	experiment	(b),	and		differences	
between	the	4x	CO2	experiment	and	1x	CO2	experiment	(c).	

	

DO	saturation	(O2sat)	is	calculated	from	in	situ	temperature	and	salinity	and	it	represents	

DO	concentration	at	equilibrium	(Cabre	et	al,	2016).	Due	to	an	increase	of	ocean	temperatures	

from	global	warming,	DO	saturation	is	expected	to	decline	(Schmidtko	et	al.,	2017).	In	the	1x	CO2	

scenario	(Fig.	25),	oxygen	saturation	is	highest	near	the	poles	in	the	Atlantic	Ocean	and	lowest	in	

the	tropical	latitudes.	With	increasing	temperatures,	oxygen	saturation	decreases.	This	is	most	

evident	in	the	Southern	Ocean,	where	temperatures	are	predicted	to	increase,	and	within	the	

OMZ	of	the	equatorial	Atlantic	Ocean.	DO	saturation	levels	increase	in	the	4x	CO2	senario	relative	

to	the	1x	CO2	senario	where	temperatures	decrease.	



35	
	

	

	

Figure	25.	Cross-section	of	apparent	oxygen	saturation	in	the	Atlantic	Ocean	at	20	˚W	simulated	with	CESM1.2	for	1x	CO2	
experiment		(a),	differences	between	the	2x	CO2	experiment	and	1x	CO2	experiment	(b),	and		differences	between	the	4x	CO2	
experiment	and	1x	CO2	experiment	(c).	

	
	 		

The	AOU	distribution	(Fig.	26)	represents	a	reasonable	approximation	of	the	accumulated	

biologic-induced	oxygen	 consumption	 since	 the	parcel	of	water	 left	 the	 surface	 (Cabre	et	 al.,	

2015).	The	subpolar	North	Atlantic	(SPNA),	lower	solubility	and	an	increase	in	AOU	is	predicted	

to	result	in	a	decline	in	oceanic	oxygen	(Tjiputra	et	al.,	2018).	AOU	is	highest	within	the	OMZ	of	

the	tropical	Atlantic	Ocean	for	the	1x	CO2	(Fig.	26),	but	it	decreases	within	this	region	with	an	

increase	of	atmospheric	pCO2.	Reduced	ocean	ventilation	contributes	to	an	increase	in	the	extent	

of	the	OMZ	and	in	AOU	(Karstensen	et	al.,	2008).	The	increase	of	AOU	in	the	Southern	Ocean	

with	 CO2	 radiative	 forcing	 can	 be	 attributed	 to	 increased	 remineralization	 from	 increased	

biological	consumption.		
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Figure	26.	Apparent	Oxygen	Utilization	(AOU)	simulated	in	the	Atlantic	Ocean,	along	20	°W,	for	1x	CO2	(a)	and	compared	to	2x	
CO2	(b)	and	4x	CO2	(c).	
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Chapter	Five:	Discussion	
	

	

	 Under	global	warming	scenarios,	increased	stratification,	a	slow-down	of	the	AMOC,	and	

a	reduction	of	ventilation	of	the	thermocline	are	responsible	for	reducing	oxygen	concentration	

and	nutrient-rich	waters	being	upwelled.	An	increase	of	idealized	age	and	residence	time	of	water	

in	the	deep	ocean	is	also	observed	in	climate	change	scenarios.	Oxygen	solubility	and	AOU	gas	

exchange	drives	the	decline	of	oxygen	in	the	thermocline	of	the	Atlantic	Ocean	(Frolicher	et	al.,	

2009).	Reduced	ventilation	affects	the	extend	of	the	OMZ,	but	the	advection	of	well-ventilated	

water	 from	the	South	Atlantic	Ocean	 into	the	OMZ	region	compensates	 the	expansion	of	 the	

OMZ	 (Karstensen	 et	 al.,	 2008).	 The	 slowing	 down	 of	 the	 AMOC	may	 also	 be	 responsible	 to	

decreased	 DO	 concentration.	 Moreover,	 reduction	 of	 summer	 ice	 and	 associated	 increased	

biological	 activity	 with	 increase	 in	 insolation	 and	 sea	 surface	 temperatures	 could	 alter	 DO	

concentration	(Schmidtko	et	al.,	2017).		

	 The	 zonal	mean	oxygen	concentration	 is	decreasing	at	1000	m,	 thus	 contributing	 to	a	

vertical	expansion	of	the	OMZ,	even	though	the	zonal	mean	of	oxygen	is	increasing	between	200	

and	1000	m	in	the	Atlantic	Ocean	(Stramma	et	al.,	2008).	A	horizontal	expansion	towards	the	

western	basin	of	the	Atlantic	OMZ	also	occurs	as	CO2	radiative	forcing	increases.	It	is	important	

to	 note	 that	 there	may	 be	 a	 negative	model-data	 bias	 of	 DO	 concentration	 in	 the	 tropics	 in	

climate	models	because	CESM	tends	to	underestimate	the	amplitude	of	interannual	variability	in	

oxygen	(Long	et	al.,	2016).	Vertical	expansion	of	the	OMZ	is	predicted	for	the	tropical	northeast	

Atlantic	 Ocean,	 and	 this	 could	 have	 significantly	 negative	 impacts	 on	 available	 habitats	 for	



38	
	

tropical	 pelagic	 fishes	 and	 fishing	 (Stramma	 et	 al.,	 2012).	 Declining	 oxygen	 levels,	 and	 an	

expansion	of	the	OMZ,	also	affect	carbon	and	nitrogen	cycles,	which	negatively	affects	marine	

ecosystems	and	fisheries	(Stramma	et	al.,	2010).		

	 There	is	a	need	to	continue	the	model	integration	for	a	longer	period	of	time,	because	of	

the	long	adjustment	time	of	circulation	and	tracer	in	the	deep-sea.	In	other	model	studies,	oxygen	

concentration	has	been	observed	to	decrease	for	the	first	500	years,	but	then	recovers	despite	a	

weakened	AMOC	and	decrease	in	surface	oxygen.	This	is	possibly	due	to	enhanced	ventilation	in	

the	Southern	Ocean	(Yamamoto	et	al.,	2015).		
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Chapter	Six:	Conclusion	
	
	
	 In	conclusion,	an	increase	in	temperature	due	to	CO2-radiative	forcing	produces	a	global	

decline	of	dissolved	oxygen	concentration	and	saturation	levels	and	thus	a	vertical	downward	

and	horizontal	westward	expansion	in	the	Atlantic	OMZ.	This	decrease	in	DO	concentration	at	

intermediate	depth	in	the	tropical	eastern	Atlantic	Ocean	is	driven	by	enhanced	stratification	

and	the	slow-down	of	the	AMOC.	In	the	4x	CO2	scenario,	reduced	Ekman-induced	upwelling	and	

a	more	stratified	ocean	are	resulting	in	a	decrease	of	NPP.	In	the	future,	this	simulation	needs	

to	be	extended	so	that	temporal	adjustment	of	OMZs	in	the	Pacific	and	Indian	Ocean	may	be	

achieved.		
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